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[1] Global upper ocean evolution in the Holocene is studied in two coupled ocean-atmosphere models under
orbital forcing conditions at 3, 6, 8, and 11 ka. The annual mean sea surface temperature (SST) changes in the
early to mid-Holocene are found to be forced mainly by the annual mean insolation forcing with an overall
symmetric response of colder equator (<0.5C)/warmer high latitudes (<0.4C in the Southern Ocean and >1C
in the Arctic). This SST change is consistent with a synthesis of mid-Holocene paleo-SST records. In contrast,
the temperature response in the thermocline is dominated by an antisymmetric pattern with a cooling (warming)
in the Northern (Southern) Hemisphere midlatitudes. The thermocline response is determined predominantly by
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1. Introduction
[2] The effect of orbital forcing on Holocene climate has
been studied extensively in both data and models. Most of
the work, however, has focused on climate changes over
land [COHMAP Members, 1988; Wright et al., 1993].
Recent advances in paleoclimate study have made it important to understand the Holocene climate in the ocean. First,
in spite of a smaller change of SST in the Holocene than in
some earlier periods such as the Last Glacial Maximum
[CLIMAP Project Members, 1981], Holocene SST changes
have been suggested to have a significant impact on the
terrestrial climate, such as the North Africa monsoon
[Kutzbach and Liu, 1997; Hewitt and Mitchell, 1998;
Braconnot et al., 2000] and high-latitude summer warming
in the Northern Hemisphere (NH) [Kerwin et al., 1999].
Second, recent observations of Holocene climate have
identified substantial changes of short term climate variability such as El Nino [Rodbell et al., 1999; Tudhope et al.,
2001]. These changes of climate variability could be related
to changes of the mean oceanic state, such as the tropical
oceanic thermocline [Liu et al., 2000]. Finally, paleoceanographic records, albeit limited, have begun to show some
coherent features of regional oceanic changes that need to
be understood (J. Lynch-Stieglitz and J. Ortiz, unpublished
manuscript, 2003). The time period of early to mid-HolCopyright 2003 by the American Geophysical Union.
0883-8305/03/2002PA000819$12.00

ocene has been recognized by Quaternary geologists as a
period of anomalously warm climate in the NH and therefore has been referred to as the ‘‘hypsithermal’’ or ‘‘Climatic Optimum.’’ Much less attention, however, has been
paid to the climate in the tropics and the Southern Hemisphere (SH). Is the climate outside the NH also in a warmer
state? What is the forcing mechanism of the climate in
different regions? Even within the NH, was the subsurface
ocean also warmer than today as appears to be true over the
surface?
[3] Here we present a systematic modeling study of the
evolution of the global ocean climatology during the
Holocene. We use two fully coupled ocean-atmosphere
general circulation models: the NCAR Climate System
Model (CSM) and the Fast Ocean Atmosphere Model
(FOAM). We investigate the basic mechanism underlying
the major oceanic changes in the Holocene and compare
the simulation with available observations. The models and
simulations are described in section 2. The changes of SST
are studied in section 3 and changes of the upper ocean
thermocline are investigated in section 4. Section 5 synthesizes the observations available and compares them
with the model simulation. A final summary is given in
section 6.

2. Models and Simulations
[4] We used two fully coupled ocean-atmosphere general circulation models without flux adjustments: the
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NCAR paleo-CSM and the FOAM. The CSM is a coupled
climate model [Boville and Gent, 1998], which consists of
an AGCM, an OGCM, a dynamic sea ice model and a
land surface biophysics model. The paleo-CSM is a
version of the CSM that has a resolution of T31 for the
atmosphere (equivalent grid spacing of about 3.75 
3.75) and land surface components, and a variable
three-dimensional grid (25 vertical levels, 3.6 longitudinal
grid spacing, and a latitudinal spacing of 1.8 poleward of
30 that decreases to 0.9 within 10 of the equator) for
the ocean and sea ice models [Otto-Bliesner and Brady,
2001].
[5] The FOAM (FOAM1.0) is also a coupled climate
model [Jacob, 1997]. It has an AGCM component that is a
fully parallel version of the NCAR CCM2, in which the
atmospheric physics are replaced by those of CCM3. The
atmosphere is run here at R15 resolution (equivalent grid
spacing about 7.5  4). The OGCM was developed
following the GFDL MOM model and uses a resolution
of 1.4 in latitude, 2.8 in longitude, and 16 layers in the
vertical. The sea ice scheme uses a simple thermodynamic
sea ice model and the land uses a simple bucket model.
FOAM1.0 has been run for 600 years without apparent
surface climate drift.
[6] The summer (JJA) and winter (DJF) climatological
SSTs and surface winds in CSM (Figures 1a and 1b) and
FOAM (Figures 1c and 1d) show reasonable agreement
with the present observations. They are also similar to each
other, in many respects such as reproducing the warm pool/
cold tongue/trade wind complex in the equatorial Pacific
and the summer monsoons in South Asia and North Africa.
Both models also have some biases that are common to
most other coupled GCMs, such as a too far westward
penetration of the equatorial cold tongue and the tendency
of a double Intertropical Convergence Zone (ITCZ), the
latter being characterized by a ITCZ that tends to migrate
across the equator with season. FOAM1.0 tends to be
relatively colder in the tropics while the paleo-CSM tends
to be colder at high latitudes (especially in the subpolar
North Pacific due to the excessive sea ice cover there).
Similar conclusions can be drawn on thermocline temperatures. Overall, both models are reasonable, at least relative
to other state-of-art coupled GCMs. The differences
between the models and the model bias from observations
are modest and should not affect our major conclusions
qualitatively. Furthermore, the comparison from the simulations of the two models itself presents a robustness test of
any of our major conclusions.
[7] To study climate evolution in the Holocene, two
nearly parallel sets of experiments were performed in CSM
and FOAM. Each set had four Holocene experiments that
differ from their modern control run (C0 ka, F0 ka) only in
the orbital forcing [Berger, 1978]. The four CSM experiments (C3.5 ka, C6 ka, C8.5 ka and C11 ka) are forced by
the insolation forcing at 3.5 ka, 6 ka, 8.5 ka and 11 ka,
respectively, while the four FOAM experiments (F3 ka, F6
ka, F8 ka and F11 ka) are forced by the insolation forcing
at 3 ka, 6 ka, 8 ka and 11 ka, respectively. All the
experiments have the same prescribed continental ice sheet
and land vegetation cover as in the modern control. The

CO2 level is prescribed at the preindustrial level of 280
ppm in CSM and at the more present level of 330 ppm in
FOAM. The CSM experiments were integrated for 100
years with the last 50 years being averaged for the
monthly climatology, while the FOAM simulations were
integrated for 150 years with the last 120 years being used
to construct the monthly climatology.
[8] These Holocene experiments should be regarded as
sensitivity experiments to the change of orbital forcing,
because their atmospheric CO2 level, the continental ice
sheet and vegetation boundary conditions are prescribed the
same as their corresponding modern control simulations.
Nevertheless, since orbital forcing seems to be the dominant
climate forcing in the Holocene (especially after the early
Holocene when continental ice conditions became almost
the same as today), our Holocene experiments should
capture a large part of the climate change in the real world.
The slightly different time slice near 3 ka and 8 ka as well as
the different CO2 levels in the two models are due to the fact
that the two sets of experiments are designed originally for
different purposes. These differences, however, should not
affect our major conclusions. Finally, in this paper, we
confine our study to the upper ocean, which has reached a
quasi-equilibrium. For example, the upper ocean temperature (100– 300 m) in the tropics exhibits only a slight
warming drift of less than 0.1C in the 150 years of the
FOAM control run (F0 ka). This drift is small relative to the
climate signals of our model simulations. Furthermore, a
substantial part of this small drift has been effectively
filtered out because all of our sensitivity experiments start
with the same initial condition as the modern control.
Therefore our results on the upper ocean should well
represent the quasi-equilibrium climate response in the
Holocene.
[9] The anomalous insolation forcing in the paleo-CSM
is shown in Figures 2a, 2b, and 2c for experiments C3.5
ka, C6 ka, C8.5 ka and C11 ka, respectively. The dominant insolation forcing is an increased seasonal cycle in
the NH and a decreased seasonal cycle in the SH (up to
about 7% at 11 ka). This change of seasonal orbital
forcing is mainly caused by the 21,000-year cycle of
perihelion, which changes from January at the present to
June at 11 ka. Therefore, from the early Holocene toward
the present, the maximum summer (winter) insolation
decreases (increases) in the NH, but increases (decreases)
in the SH. This change of seasonal insolation forcing is
crucial for the terrestrial climate response in the Holocene,
such as the enhanced Afro-Asian monsoon [Kutzbach and
Otto-Bliesner, 1982]. It will be shown that this seasonal
insolation forcing is important for Holocene oceanic
changes not only at the surface, but also in the subsurface
thermocline.
[10] The increased tilting of the earth’s axis toward the
early Holocene enhances the annual mean insolation at high
latitudes, but reduces the annual mean insolation at low
latitudes. The tilting therefore results in an anomalous
annual mean insolation forcing that is symmetric about
the equator (Figure 3a). The maximum forcing occurs at
11 ka with a cooling of over 1 W/m2 on the equator and a
warming of over 5 W/m2 over the poles, separated at the

Figure 1. Surface climatology of SST and surface wind for CSM in (a) summer (JJA) and (b) winter (DJF), and for
FOAM in (c) summer (JJA) and (d) winter (DJF).
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Figure 2. Monthly evolution of insolation changes from the present at different latitudes at (a) 3.5 ka, (b) 6 ka, (c) 8.5 ka
and (d) 11 ka in the CSM.
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Figure 3. Latitudinal variations of annual mean (a) insolation anomaly, and the zonal mean SSTA in (b)
CSM (C3.5 ka, C6 ka, C8.5 ka, C11 ka) and (c) FOAM (F3 ka, F6 ka, F8 ka, and F11 ka).
latitude of about 40. Since the polar region has a smaller
area, the area-integrated warming in the high latitudes is
balanced almost completely by the area-integrated cooling
in the low latitudes, resulting in little change in the global
annual mean insolation. This anomalous annual mean
insolation forcing, although unimportant for terrestrial
climate in the Holocene, will be seen to be critical for the
oceanic climatology, especially at the low and high
latitudes.

3. Response of the Sea Surface Temperature
3.1. Annul Mean SST
[11] The change of annual mean SST from the present is
shown in Figure 3b (for CSM) and Figure 3c (for FOAM) as
zonally averaged SST anomalies (SSTA). The most striking
feature is a cooling at low latitudes and a warming at higher
latitudes in both models (unless otherwise specified, all
major features discussed are valid in both models). In the
CSM, the tropical cooling peaks near the equator at about
0.5C in the early Holocene; the polar warming has a broad

peak of about 1C at 50N to 70N, and a narrow peak of
less than 0.4C at 50S to 60S (Figure 3b). The SSTA in
FOAM is similar to that in CSM, but tends to be warmer
than the CSM by about 0.2C (Figure 3c). The somewhat
symmetric response (cold equator/warm high latitude) of the
annual mean SSTA bears some resemblance to the annual
mean insolation forcing, implying an important role of the
annual mean insolation forcing on the annual mean SSTA.
Indeed, basin-scale SST changes are damped weakly mainly
by the long wave radiation cooling [Bretherton, 1982]. If we
use a climate sensitivity @Q/@T  3 to 4 W/m2/K, (Q is the
surface heat flux), the early Holocene annual mean insolation forcing (about 1 W/m2 on the equator and 3 W/m2 at
high latitude, see Figure 3a) will force a cooling of about
0.3C on the equator and a warming of about 1C in the
high latitudes. This is of the same order as the model
simulations in Figures 3b and 3c.
[12] The annual mean forcing, however, does not explain
the strong latitudinal asymmetry of the high-latitude warming: the peak warming is 3 to 5 times larger in the NH than
in the SH. This asymmetry is contributed significantly by
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Figure 4. Global distribution of annual mean SSTA (a) at 8.5 ka in CSM and (b) at 8 ka in FOAM
(contour interval = 0.2C).

the change of the seasonal forcing; a point to be returned to
later.
[13] In addition to the largely uniform change of the
annual mean SST along the latitude circle, there are substantial zonal variations of SSTA, as seen in the early
Holocene at 8 ka (Figure 4). Significant cooling centers
develop in the central equatorial Pacific, eastern equatorial
Indian Ocean, and the equatorial and eastern tropical
Atlantic. In particular, the SSTA in the tropical Pacific
resembles somewhat a permanent La Nina, rather than El
Nino. Overall, the annual mean SSTA is warmer in FOAM
than in CSM, such that the zero latitude of SSTA is
equatorward by about 10 in the former. In the North
Pacific, the general pattern of a cold midlatitude/warm

subpolar region is amplified substantially in the CSM, a
result that may be related to the model’s excessive sea ice
feedback there.
3.2. Global Features of Seasonal SST
[14] The seasonal changes of SSTA in the early to midHolocene (Figure 5), at first glance, bear some resemblance
to the annual mean SSTA (Figure 4), all of which are
generally characterized by colder lower latitudes and
warmer higher latitudes. This implies that the change of
the seasonal variation of SSTA is not overwhelming compared with that of the annual mean SSTA, such that the
latter is able to leave its fingerprint in all the seasons.
Indeed, the amplitude of the annual cycle of the monthly

Figure 5. Global distribution of seasonal SSTA and surface wind simulated in boreal (a) summer (JJA) and (b) winter
(DJF) at 8.5 ka in CSM, and in boreal (c) summer and (d) winter at 8 ka in FOAM (contour interval = 0.2C).
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Figure 6. Latitudinal variation of the amplitude of the seasonal cycle of the Holocene SSTA (from the
present) in (b) CSM and (c) FOAM. For reference, the amplitude of the seasonal cycle of the insolation
anomaly is plotted in (a). This amplitude is calculated as the standard deviation of the 12 months of zonal
mean SSTA on each latitude and represents the extent that the monthly SSTA deviates from its annual
mean.
SSTA (Figures 6b and 6c) is almost comparable with the
magnitude of the annual mean (Figures 3b and 3c) at both
the equator and high latitudes. Given that the seasonal
forcing anomaly (Figure 2) is more than 10 times stronger
than the annual mean anomaly (Figure 3a), it is clear that
the response of the SST to the seasonal forcing is much
weaker than that to the annual mean. This weaker seasonal
response occurs because the seasonal SSTA is weakened
significantly by the large thermal inertial of the surface
ocean, while the annual mean (basin-scale) SSTA tends to
be damped weakly, mainly by long wave radiation (see
Appendix A).
[15] In contrast to the equator and high latitude, seasonal
changes of SSTA are dominant in the subtropics and
midlatitudes, where the annual mean SSTA tends to vanish
(compare Figures 6b and 6c with Figures 3b and 3c).
Therefore the SSTA in the subtropical and midlatitudes

tend to change sign during the year, in contrast to the
persistent warming/cooling at high/low latitudes.
[16] The annual mean SSTA has a north/south asymmetry,
with a much larger warming in the NH high latitude. This
asymmetry is in contrast to the symmetric annual mean
insolation forcing (Figure 3a). To understand the asymmetry
of the annual mean SSTA, two seasonal features of SST are
noteworthy. First, compared with the present, the seasonal
cycle of the total SST is increased in the NH but decreased
in the SH (Figures 7b and 7c), following the seasonal cycle
of the insolation forcing (Figure 7a).
[17] Second, the magnitude of the seasonal cycle of the
SSTA is much larger in the NH than in the SH (Figures 6b
and 6c), in contrast to the insolation forcing anomaly,
whose amplitude is almost symmetric about the equator
(Figure 6a). This asymmetric SSTA response occurs for at
least two reasons. First, the much larger land cover in the
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Figure 7. Latitudinal variation of the changes of the amplitude of the seasonal cycle of the (zonal mean)
total SST from the present in (b) CSM and (c) FOAM for each Holocene run. For reference, the changes
of the amplitude of the seasonal cycle of the total insolation forcing are also plotted in (a). The amplitude
of the seasonal cycle is calculated as the standard deviation of the 12 months of zonal mean total SST and
insolation. The change of the amplitude is then calculated as the difference of the amplitude between the
Holocene run and the control run.

NH effectively reduces the overall thermal inertial and
therefore enhances the seasonal response in the NH than
in the SH. Usually, the seasonal cycle of surface temperature is strong over land than over ocean because of the
much larger thermal inertial of the ocean. This land
surface air temperature anomaly favors an enhanced
seasonal cycle of SST downstream over the ocean,
because of the wind advection. Relative to the SH, the
NH has a much larger land cover and therefore this land
effect of enhancing SST seasonal cycle is also larger.
Second, the Southern Ocean has a large thermal inertial
due to the strong coupling between the upper and deeper
oceans, while the NH high latitude has a much smaller
thermal inertial because of the decoupling of the surface
and deep waters by a strong halocline. The smaller
thermal inertial in the NH therefore results in a stronger

response of SSTA to the seasonal forcing in the NH than
in the SH (Appendix A).
[18] The two seasonal features discussed above could
contribute to the north/south asymmetry of the annual mean
SSTA as follows. In the NH high latitude, summer is
warmer and winter is colder compared with the present
(the first feature), thus the seasonal variability of the sea ice
cover increases. The associated ice-albedo feedback therefore increases the summer temperature dramatically, but
can’t lower the winter SST further (no less than the freezing
point). This results in an increased annual mean SST in the
NH. Similarly, the reduced seasonality in the SH (the first
feature) produces an annual mean cooling in the Southern
Ocean. Therefore, in the NH high latitudes, the annual mean
insolation heating tends to be reinforced by the warming
due to the increased seasonality, generating a strong annual
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Figure 8. Changes of the vertical velocity from the present at 50-m depth in the tropics in CSM at 8.5 ka
for (a) JJA, (b) DJF and (c) annual mean. Positive values are shaded (contour interval = 104 m/s).

mean warming there. Over the Southern Ocean, however,
the annual mean insolation heating tends to be canceled by
the cooling due to the decreased seasonality. Since the
magnitude of the increased seasonality in the NH is much
larger than that of the decreased seasonality in the SH (the
second feature), the annual mean warming due to the
increased seasonality contributes significantly to the total
annual mean warming in the NH, resulting in a strong
warming there, while the weak annual mean cooling due to
the decreased seasonality is overwhelmed by the annual
mean heating over the Southern Ocean, resulting in a weak
warming there.
3.3. Regional Features of Seasonal SST
[19] In boreal summer, in spite of the insolation warming
(Figure 2), the equatorial SST remains cold, with the
cooling confined near the central and eastern equatorial
regions over all the oceans (Figures 5a and 5c). As such, the
tropical Pacific SSTA resembles more a La Nina-like state,
rather than an El Nino-like state. This zonal variation of
SSTA in boreal summer is likely to be caused by the
seasonal change of insolation, rather than the annual mean
insolation cooling. Against an insolation warming in boreal
summer (Figure 2), stronger trade winds induce stronger
equatorial upwelling (Figure 8a), and in turn a cooling

center (Figures 5a and 5c) in the central eastern equatorial
Pacific. The stronger trades can be forced partly by the
stronger summer monsoon from Asia and North America
[Liu et al., 2000]. It can also be contributed by a positive
ocean-atmosphere feedbacks in the tropical Pacific in
response to a rapid summer insolation warming [Clement
et al., 2000]. The rapid seasonal warming initially tends to
warm the western Pacific more because the heating effect on
the eastern equatorial Pacific is diluted by the strong cold
upwelling and undercurrent. This increases the SST gradient, the trade winds, the upwelling cooling in the east, and
finally reverses the eastern Pacific to a cooling [Clement et
al., 1996; Liu, 1998]. It is interesting that the correlation of a
stronger Asian monsoon with a La Nina-like equatorial
Pacific in the Holocene is similar to the present-day interannual variability [Webster et al., 1998]. Unlike the present,
however, the stronger monsoon in the early Holocene is
driven mainly by the external forcing, not the Pacific SST,
and may therefore contribute to the La Nina-like pattern [Liu
et al., 2000]. The La Nina-like SSTA could then further
enhance the Asian monsoon by inducing more convective
activity in the western Pacific and Indian Ocean, forming a
positive feedback. It should also be noticed that this cold
eastern equatorial Pacific SSTA, combined with the warming
toward the subtropics and midlatitude in the eastern Pacific,
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also enhances the North America summer monsoon in the
mid- to early Holocene, forming a positive oceanic feedback
[Liu et al., 2003; Harrison et al., 2003].
[20] In boreal winter, the equatorial cold SSTA broadens
(Figures 5b and 5d), mainly due to the insolation cooling
(Figure 2). In the central eastern equatorial Pacific, the CSM
produces a maximum cooling (Figure 5b) while the FOAM
develops a minimum cooling or even a slight warming
(Figure 5d). The reason for the slight warming in FOAM is
not clear. Perhaps it is caused by the rapid winter insolation
cooling on the equatorial surface ocean and the associated
positive ocean-atmosphere feedback, opposite to the summer warming discussed above [Clement et al., 1996; Liu,
1998]. The FOAM seems to have a stronger equatorial
upwelling effect than the CSM, which tends to amplify this
positive equatorial feedback, increasing the SST there. The
different equatorial upwelling effects in the two models may
be related to the different mixing parameterization.
[21] In the tropical Atlantic, the SSTA exhibits a northward gradient, most clearly in boreal summer (Figures 5a
and 5c). This gradient is at least partly forced by the solar
insolation forcing that is more positive toward the north in
the early to mid-Holocene (Figure 2). The northward gradient is also partly caused by the enhanced southwesterly
monsoon in the North Africa, which weakens the North
Atlantic Subtropical High through the westward propagation
of Rossby waves [Rodwell and Hoskins, 2001]. The associated decrease of northeasterly trade winds and evaporation
cooling then increases SST over the tropical North Atlantic.
To the south, the anomalous southeasterly wind enhances the
mean trade system. The stronger trades result in an enhanced
cold upwelling along the equator (Figure 8a), an intensified
northwestward cold advection toward the equator, and a
reduced evaporation cooling south of the equator. All of
these favor a colder SST south of the equator and therefore
enhances the northward gradient of SSTA. This northward
SSTA gradient has been suggested to enhance the summer
monsoon and therefore feedback positively with the North
Africa monsoon [Kutzbach and Liu, 1997].
[22] In boreal winter, the enhanced Asian winter monsoon
increases anomalous cold advection toward the northern
Indian Ocean, cooling the northern Indian Ocean SST
(Figures 5b and 5d). This cooling is enhanced by a stronger
coastal upwelling cooling along the west coast of Malaysia
(Figure 8b). There is also a weak but broad warm SSTA
tongue (relative to the interior ocean) along the northwest
coast of Australia, most clearly in FOAM (Figure 5d). This
warm tongue seems to be generated by the reduced boreal
winter insolation in the SH, which generates anomalous
cold high pressure over Australia and low pressure over the
South Indian Ocean. The latter weakens the subtropical high
over the ocean, the equatorward wind, and in turn evaporation cooling and coastal upwelling along the northwest
coast of Australia. By the same mechanisms, warm tongues
(relative to the interior ocean) also emerge along the western
coast of South America and southwest coast of Africa in the
subtropics. In the CSM, the reduced upwelling (Figure 8b)
and the relative SST warm tongue (Figure 5b), however, are
somewhat weaker, perhaps due to its coarser longitudinal
resolution. The combination of the enhanced cooling in the
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North Indian Ocean and the enhanced warming along the
coast of northwestern Australia strengthen the monsoon
winds toward northwest Australia, forming a possible
positive oceanic feedback that overwhelms the local insolation effect to enhance the Australia monsoon in the early
Holocene [Liu et al., 2003].
[23] In the NH high latitudes, SST is warmer in both the
summer and winter because of the strong annual mean
warming and the feedback from the increased seasonal cycle
of sea ice there (Figure 5), as discussed before. Maximum
warming occurs in boreal summer along the Arctic coasts as a
result of the strong melting. In the Southern Ocean, the SSTA
has a minimum seasonality (Figures 6b and 6c) and the
seasonal SSTA is dominated by the annual mean warming
that is forced by the enhanced annual mean insolation there.

4. Response of the Ocean Thermocline
[24] The response of the subsurface ocean temperatures in
the thermocline (upper 300 – 800 m) differs dramatically
from that on the surface. We will only examine the annual
mean temperature changes in the permanent thermocline
because annual variability is negligible there. The mean
thermocline is characterized by deep subtropical gyres
(Figure 9a) and a sharp equatorial thermocline in the Pacific
(Figure 9c). From early to mid-Holocene, the most striking
feature of the subsurface temperature response is an equatorially antisymmetric pattern with a colder NH and a
warmer SH throughout the year, as shown for the case of
C8.5 ka in Figure 9b. This antisymmetric thermocline
response, which is most clear in the Pacific, is in contrast
to the largely symmetric annual mean SSTA that is characterized by colder low latitudes and warmer high latitudes
(Figures 3b, 3c, and 4).
[25] The antisymmetric thermocline response in the
Pacific is caused mainly by the subduction of seasonal
SSTA [Liu et al., 2000], rather than the wind stress changes.
Since the water in the permanent thermocline is determined
by the surface water in late winter [Stommel, 1979], we can
trace the formation of the thermocline water to the winter
SSTA. From the early to mid-Holocene, largely due to the
anomalous direct solar radiation forcing, the boreal winter
SST is colder than present in the NH subtropics and
subpolar region, while the austral winter SST is warmer
than present in the SH (Figure 5). These winter surface
waters subduct into the thermocline, cooling the thermocline in the NH but warming the thermocline in the SH. The
antisymmetric subsurface subduction of temperature
anomalies can be seen clearly in the zonally averaged
temperature anomalies in the Pacific (Figure 10a). This
strongly nonlinear response of thermocline to SST is due
to the strongly nonlinear subduction process, which selectively subducts only the later winter SSTA into the thermocline [Stommel, 1979; Liu and Pedlosky, 1994]. In contrast,
thermocline responds to surface wind stress perturbation
almost linearly [Luyten et al., 1983; Liu, 1993]. In spite of a
substantial change of the seasonal wind stress in the early to
mid-Holocene, the change of annual mean wind is small,
because the seasonal wind anomalies tend to be opposite in
winter and summer (Figure 5) in response to the opposite

Figure 9. Annual mean thermocline temperature climatology (C0 ka) and temperature change in C8.5 ka (C8.5 – C0 ka).
Global distribution of thermocline (averaged in 100 – 300 m) (a) temperature and (b) temperature anomaly; Pacific upper
ocean equatorial (averaged between 5S and 5N) (c) temperature and (d) temperature anomaly. Contour intervals are 3,
0.4, 2 and 0.2C in Figures 9a, 9b, 9c, and 9d, respectively.
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Figure 10. Annual mean temperature climatology (C0 ka) and temperature changes in C8.5 ka (C8.5 –
C0 ka) in the upper 1000 m. The temperature and temperature anomaly are zonally averaged in the
Pacific (a and b), Atlantic (c and d) and Indian Ocean (e and f). (Contour intervals are 3 and 0.2C for the
temperature and temperature anomalies, respectively.)
anomalous insolation forcing (Figure 2). Therefore the wind
stress has little impact on the permanent thermocline in the
mid-Holocene.
[26] A similar antisymmetric pattern of thermocline temperature changes can also be detected in the Indian Ocean

(Figures 10c and 9b) and the Atlantic Ocean (Figures 10d
and 9b), although, for reasons unclear, a broad cold band
appears inside the warm tropical South Indian and Atlantic
Oceans. The strong cooling subduction in the North Indian
Ocean (Figure 10c) is contributed significantly to by the
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strong surface cooling that is forced by a stronger Asian
winter monsoon (Figures 5b and 5d).
[27] It is interesting that the temperature change in the
equatorial thermocline is always positive, consistent with
the thermocline water from the SH (Figures 9b and 10).
Figure 9d further plots the ocean temperature changes along
the equator in the upper Pacific Ocean. A warm western
equatorial thermocline that extends toward the eastern
equatorial Pacific is accompanied by a thin layer of cold
surface water, especially in the central and eastern equatorial Pacific. The temperature anomaly resembles a La Ninalike state, supporting our previous conclusion based on the
SSTA. The overall warm equatorial thermocline is caused
by the warm subduction water from the SH, because the
cold subduction water from the NH tends to be blocked at
about 10N by the currents forced by the ITCZ there [Lu et
al., 1998]. The leakage into the Indian Ocean through the
Indonesia Through Flow [Rodgers et al., 1999] also tends to
prevent the North Pacific water from reaching the equator,
enhancing the north/south asymmetry. It should be pointed
out that part of the temperature anomaly in the equatorial
thermocline in Figure 9d is caused by the enhanced surface
trades, which tend to induce a warming in the west and
cooling in the east. It should also be noted that the warming
of the subsurface equatorial thermocline in our models is
like to be underestimated because of the tendency of a
symmetric double ITCZ in the coupled models. This combination of warm subsurface and cold surface in the eastern
equatorial Pacific reduces the mean stratification there and
has been speculated to contribute to the weakening of
ENSO before the mid-Holocene [Liu et al., 2000].
[28] The largely antisymmetric thermocline temperature
response discussed above is robust throughout the early to
mid-Holocene. Figure 11 plots the latitudinal variation of the
upper ocean (100 – 300 m average) temperature anomalies
that are zonally averaged in each ocean basin from early to
late Holocene in CSM (Figures 11a – 11c) and FOAM (Figures 11d– 11f). The Pacific thermocline temperature anomaly
exhibits a cold North Pacific and warm South Pacific
(Figures 11a and 11d), with the amplitude decreasing from
the early (11 ka) to mid- (6 ka) Holocene and eventually
diminishing in the late Holocene (3 ka). In spite of the large
cooling maximum in the North Pacific, the equatorial Pacific
thermocline is warmer, because of the dominant control by
South Pacific subduction. This antisymmetric thermocline
temperature is in contrast to the largely symmetric annual
mean SSTA in Figures 3b and 3c. In addition, the thermocline anomaly peaks in the midlatitudes, while the SSTA
peaks at high latitudes. Similar antisymmetric thermocline
temperature changes can be identified in the Indian Ocean
(Figures 11c and 11f) and, less clearly, in the Atlantic
(Figures 11b and 11e), as discussed earlier in Figures 10b
and 10c. In both cases, a broad cold band is sandwiched
inside the warm anomaly south of the equator.

5. Comparison With Observations
[29] Until recently, there have been few high-resolution
paleoceanographic records of upper ocean conditions during
the Holocene outside of the North Atlantic. The SST

changes over the course of the Holocene are small relative
to the SST changes between the Holocene and the Last
Glacial Maximum. In many locations, these Holocene
temperature changes exceed 1C and should be well
resolved by the available SST proxies. However, low
sedimentation rates over much of the open ocean limit the
availability of high temporal resolution records of Holocene
climate to ocean margins and to other regions with high
fluxes of biologic material to the seafloor. Over the past
several years, there has been an explosion of these highresolution records of Holocene SST, which we compile here
to look for regional patterns of consistent temperature
change, as reconstructed using faunal and floral assemblages, alkenone unsaturation ratios and Mg/Ca content of
foraminiferal shells (Table 1, Figure 12). Since in many
areas there is a sharp break in sea surface temperature
around 5 ka, we compiled the temperature anomaly for
the period 10– 5 ka relative to the 5 – 0 ka time period. Also
shown are the Atlantic early Holocene SST anomalies from
Ruddiman and Mix [1993]. For ease of comparison with the
other data, we have averaged the winter, summer, 9 kyr and
6 kyr SST anomalies from this study. While all of these SST
proxies have their own sets of limitations, a broadly consistent spatial pattern emerges which supports on the broadest scale the interpretations from the model runs. Due to the
small signal in the Holocene and the limitations of both the
paleoclimate proxies and the model simulations our synthesis and model/data comparison here are qualitative. We
thus confine our discussion to the sign of the anomaly.
[30] In the tropical Pacific, it has been inferred from midHolocene archeological records along the coast of Peru
[Sandweiss and Richardson, 1996] that the tropical Pacific
had a warmer SST, resembling a permanent El Nino-like
state. More recent fossil coral records [Gagan et al., 2000;
McCulloch et al., 1996], however, suggest that the western
tropical Pacific was colder than present in the early Holocene. Alkenone records from the South China Sea also
suggest a cool early Holocene [Kienast et al., 2001], and a
Mg/Ca record suggests cooling in the Eastern Equatorial
Pacific near the Galapagos as well [Koutavas et al., 2002].
Our model simulation supports the colder tropical Pacific
with a La Nina-like state in the early to mid-Holocene
(Figure 4), especially in boreal summer (Figures 5a and 5c).
Both the CSM and FOAM also produce weaker ENSO
variability in the early to mid-Holocene [Liu et al., 2000; B.
Otto-Bliesner et al., Competing roles of glacial and Milankovitch forcing on El Nino during the last glacial-interglacial cycle, submitted to Science, 2002], consistent with
recent paleoclimate evidence [Rodbell et al., 1999; Tudhope
et al., 2001; Cole, 2001, and references therein]. Our model
simulation also suggests that the warming suggested by
Sandweiss and Richardson [1996] may be a seasonal and/or
coastal phenomenon. Indeed, in boreal summer, the western
coast of tropical South America (Figures 5a and 5c) tends to
be occupied by a warm tongue.
[31] More recent data confirm the patterns of warming
and cooling in the tropical and North Atlantic over the
Holocene documented by Ruddiman and Mix [1993] on the
basis of foraminifera assemblage data. In the Atlantic
region, the estimated SSTs in the early and mid-Holocene
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Figure 11. Latitudinal variations of upper ocean (100– 300 m) annual mean temperature anomalies for
each Holocene run. The anomalies are zonally averaged in (a) Pacific, (b) Atlantic and (c) Indian Ocean
in CSM, and in (d) Pacific, (e) Atlantic and (f) Indian Ocean in FOAM.
tend to be colder than today in the equatorial Atlantic, but
warmer than today in the western subtropical North Atlantic
[Ruddiman and Mix, 1993]. This feature is consistent with
our simulations (Figures 4 and 5). In the models, the
equatorial cooling is mainly due to the annual mean cooling.

[32] In the North Atlantic and Arctic, new paleoceanographic data show a strong warming of up to 4C in the
early part of the Holocene, consistent with the warming
pattern at 6 ka deduced by Kerwin et al. [1999]. The overall
strong warming is consistent with our model simulations
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Table 1. Early to Mid-Holocene SST Changes From Proxy Data
Early Holocene
SST Anomaly

Latitude, N

Longitude, E

various
67.0
65.0
53.0
43.8
38.5
27.0
20.3
17.1
6.0
1.2

various
66.5
64.0
5.0
51.3
140.6
13.0
36.3
11.0
147.5
89.7

various
warm
warm
warm
little change
warm
little change
little change
warm
cool
cool

foraminifera assemblage
diatom assemblage
productivity/IRD (ice cover)
IRD, diatom assemblage
foraminifera assemblage
foraminifera assemblage
alkenone unsaturation ratio
alkenone unsaturation ratio
alkenone unsaturation ratio
Coral Sr/Ca
G. sacculifer Mg/Ca

5.6
9.3
12.1
19.0
19.0
20.8
20.8
21.3
23.6
32.3
32.8
36.1

110.6
109.3
61.3
20.2
20.2
18.6
18.6
158.1
111.1
118.3
120.0
2.6

cool
cool
cool
cool
little change
cool
warm
little change
little change
little change
little change
warm

alkenone unsaturation ratio
alkenone unsaturation ratio
alkenone unsaturation ratio
foraminifera assemblage
alkenone unsaturation ratio
foraminifera assemblage
alkenone unsaturation ratio
foraminifera assemblage
alkenone unsaturation ratio
alkenone unsaturation ratio
alkenone unsaturation ratio
alkenone unsaturation ratio

37.8
37.8

10.2
10.2

warm
little change

alkenone unsaturation ratio
foraminifera assemblage (summer)

38.3

14.0

warm

alkenone unsaturation ratio

38.4

13.6

warm

alkenone unsaturation ratio

39.3
41.8

7.1
47.4

warm
cool

alkenone unsaturation ratio
foraminifera assemblage (summer)

49.9
52.7
54.7
55.5

24.2
36.1
28.4
14.7

little change
cool
little change
little change

diatom assemblage
foraminifera assemblage (summer)
foraminifera assemblage (summer)
foraminifera assemblage (summer)

56.4
58.8
58.8
58.8
61.5
63.0
67.0
67.0
67.0
69.5

27.8
25.9
26.0
26.0
24.2
2.7
7.6
7.6
7.6
16.5

cool
warm
little change
warm
little change
warm
cool
warm
warm
warm

foraminifera assemblage (summer)
coccolith assemblage
foraminifera assemblage (summer)
alkenone unsaturation ratio
foraminifera assemblage (summer)
diatom assemblage
foraminfera assemblage (summer)
alkenone unsaturation ratio
diatom assemblage
diatom assemblage

75.0
75.0

14.0
14.0

little change
warm

foraminifera assemblage (summer)
alkenone unsaturation ratio

(Figure 4). This warm North Atlantic has been suggested to
be important in enhancing the warming in northern Europe
and Arctic in the mid-Holocene.
[33] Finally, recent observations suggest that the Southern
Ocean was warmer than present with a much reduced sea
ice expansion in the early Holocene [Hodell et al., 2001;
Domack et al., 2001; Taylor et al., 2001]. This is consistent
with our model simulations of a modest annual mean
warming in the Southern Ocean region. This weak warming
is due to the annual mean heating that canceled the weak
cooling due to the reduced seasonality.

Proxy Type

Source
Ruddiman and Mix [1993]
Taylor et al. [2001]
Domack et al. [2001]
Hodell et al. [2001]
Labracherie et al. [1989]
Wells and Okada [1996]
Kirst et al. [1999]
Bard et al. [1997]
Kim et al. [2002]
McCulloch et al. [1996]
A. Koutavas et al.
(submitted manuscript, 2003)
Kienast et al. [2001]
Kienast et al. [2001]
Rühlemann et al. [1999]
Chapman et al. [1996]
Chapman et al. [1996]
deMenocal et al. [2000]
Zhao et al. [1995]
Lee et al. [2001]
Herbert et al. [2001]
Herbert et al. [2001]
Herbert et al. [2001]
Marchal et al. [2002]
Cacho et al. [1999]
Bard et al. [2000]
Marchal et al. [2002]
Duplessy et al. [1992]
Marchal et al. [2002]
Cacho et al. [2001]
Marchal et al. [2002]
Cacho et al. [2001]
Cacho et al. [2001]
Marchal et al. [2002]
Labeyrie et al. [1999]
Koc et al. [1996]
Marchal et al. [2002]
Marchal et al. [2002]
Marchal et al. [2002]
Duplessy et al. [1992]
Marchal et al. [2002]
Giraudeau et al. [2000]
Marchal et al. [2002]
Marchal et al. [2002]
Marchal et al. [2002]
Koc and Jansen [1992]
Marchal et al. [2002]
Marchal et al. [2002]
Marchal et al. [2002]
Koc et al. [1993]Koc and
Jansen [1994]
Marchal et al. [2002]
Marchal et al. [2002]

[34] The model/data comparison here is very preliminary
and has great uncertainties. From the data side, the small
signal, low sampling resolution, dating problems, and multiple interpretations of the proxies all may contribute to errors
in the data compilation. From the model side, as pointed out
earlier, our Holocene simulations only considered the effect
of orbital forcing. Furthermore, our models have coarse
ocean resolution (hundreds of kilometers), which becomes a
particularly serious problem for model/data comparisons in
the Holocene. This is because most of the high-resolution
Holocene ocean data are obtained in the high sedimentation
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Figure 12. Early Holocene (before 5 ka) SST anomalies relative to the late Holocene (after 5 ka) derived
from Table 1 (large symbols). All data are from alkenone ratios, Mg/Ca in foraminifera or faunal/floral
assemblage estimates. Also shown in the Atlantic are the early Holocene SST anomalies from Ruddiman
and Mix [1993] (small symbols). We have averaged the 9 and 6 ka summer and winter SST anomalies
from this study.
rate regions near the coast. Ocean dynamics in these regions
tend to have spatial scale of tens of kilometers, which are
poorly resolved in our ocean models. Therefore, in addition
to the in situ comparison, physical understanding of the
oceanic response is also crucial.
[35] Our model study provides some useful information
on model/data comparisons for the Holocene. In some
regions, especially the subtropics to midlatitudes, the seasonal change of SSTA is much stronger than the annual
mean. Therefore the reconstruction of SSTA may tend to
have the opposite sign in summer and winter. In the
equatorial region and high latitudes, however, the SSTA
tend to have the same sign because of strong annual mean
SSTA. Particularly at higher latitudes, the paleoceanographic records will be biased toward recording summertime temperature changes, rather than the annual mean.
However, the models show that both summer and annual
mean temperatures were higher in high latitudes.
[36] Relative to the surface temperature, there are few
observations on changes of the oceanic thermocline. Our
models generate large-scale coherent patterns of thermocline change (Figures 9 –11). These changes remain to be
compared with, and will hopefully guide, future observations. Similarly, our models also generate significant
changes of the surface salinity in the early Holocene
(Figure 13). Most of the SSS anomaly is not compensated
by the SST anomaly, that is, a warmer SST is usually
accompanied by a freshening, due to either increased
precipitation or sea-ice melting. For example, the western
tropical Pacific becomes fresher while the equatorial Indian
Ocean and, to a lesser extent, the central eastern Pacific,

becomes more saline. This occurs because the La Nina-like
state shifts the major convection center toward the warm
pool, but reduces precipitation in the Indian Ocean and
central eastern Pacific. The high latitudes, especially the
Arctic region, become fresher due to the melting of the sea
ice. These salinity changes also remain to be compared
with future observations.

6. Summary
[37] The evolution of the global upper ocean during the
Holocene was studied in two coupled GCMs under the
orbital forcing at 3 ka, 6 ka, 8 ka and 11 ka. In the early to
mid-Holocene, the model simulates a somewhat symmetric
annual mean SSTA with a cold equator and warm high
latitudes. This annual mean SSTA is contributed significantly to by the annual mean insolation forcing and the tilt
of the earth’s axis, in contrast to the continental temperatures and monsoon activity that are determined mainly by
the precessional forcing. Furthermore, the high-latitude
warming has a strong asymmetry, over 1C in the NH,
but less than 0.5C in the SH. This stronger annual mean
warming in the NH high latitude is caused by the increased
seasonal cycle of sea ice, which in turn is caused by the
enhanced seasonal insolation in the NH. Relative to the
annual mean SSTA, the seasonal changes of SSTA are
dominant in the subtropics and midlatitudes, but not in
the equatorial and high-latitude regions.
[38] In contrast to the surface response, the thermocline
response is dominated by a hemispheric antisymmetric
pattern, with a strong cooling in the NH midlatitude and a
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Figure 13. Annual mean salinity changes at 8.5 ka in CSM (contour interval = 0.2 ppt).
modest warming in the SH midlatitude. The temperature is
also increased in the equatorial thermocline because of the
subduction of warm waters from the SH oceans.
[39] Some qualitative features of the global zonal mean
surface SST response do not depend critically on ocean
dynamics and therefore agree with some previous coupled
AGCM-slab mixed layer models. For example, the general
annual mean SSTA, with a modest cooling in the low
latitudes, a strong warming in the NH high latitude and a
weak warming in the SH high latitude, is also seen in a 6 ka
experiment with a coupled CCM1-mixed layer model (not
shown). The weaker contribution of the seasonal insolation
forcing than the annual mean insolation forcing on the
high-latitude SSTA is consistent with a previous analysis of
a coupled AGCM-mixed layer model [Gallimore and
Kutzbach, 1995]. In the meantime, ocean dynamics also
play important roles for Holocene climate change.
Regional features of SSTA depend critically on ocean
dynamics, especially in the equatorial and coastal regions.
In boreal summer, the stronger equatorial upwelling, in
response to the stronger summer trade winds, tends to
strengthen the cold SSTA and confine it more toward the
equator and the eastern part of the basin in the Pacific
Ocean, forming a La Nina-like pattern (Figures 5a and 5c).
The strengthened southerly monsoon also generates strong
coastal upwelling and cooling south of the equator along
the west coast of the Indonesian archipelago (Figures 5a
and 5c). In austral summer, the strengthened Asian winter
monsoon generates a strong coastal upwelling cooling
along the west coast of the India peninsula. This cold
water contributes significantly to the permanent thermocline cooling in the Arabian Sea (Figures 9b and 10c). The
weakened trade winds in the SH, which are associated with
the weakened subtropical high there, also reduce the
equatorial upwelling along the west coast of the South
America, Australia and Africa, reducing the coastal cooling
or even generating coastal warming, especially in FOAM.

These regional features are particularly important for future
model-data comparisons in the Holocene, because Holocene ocean data are most likely to be obtained in the
coastal and equatorial regions where the sedimentation
rates are high. In the subsurface, ocean dynamics are
naturally critical. This is seen clearly here in the dramatic
thermocline response, which is characterized by a hemispheric antisymmetric pattern and which differs dramatically from the SST response. It should be pointed out that
the role of ocean dynamics is likely to be underestimated
here because of our short runs and very coarse ocean
resolution.
[40] Our model results seem to be consistent with some
major features of the data reconstruction, including a colder
tropical Pacific in a La Nina-like state, a colder equatorial
Atlantic, a warmer western subtropical Atlantic, a warmer
high-latitude North Atlantic and Arctic, and a warmer
Southern Ocean. In spite of the great uncertainties in both
the data and models, our model/data comparison, we believe,
is a useful first step toward our ultimate goal of understanding climate and climate variability in the Holocene.
[41] There are also substantial differences between the
two models. For example, the cooling in the tropical Pacific
is stronger in CSM than in FOAM, while the high-latitude
warming is stronger in FOAM than in CSM (Figures 3 – 5).
The thermocline response is stronger in CSM than in
FOAM (Figure 11), while the coastal response in the SH
is stronger in FOAM than in CSM. The causes of these
model-model differences are complex and are beyond the
scope of this paper. These differences do point out that the
quantitative and, in some cases, even qualitative changes
simulated in the models need to be treated with great
caution. Clearly, future studies are needed with improved
and independent models as well as observations.
[42] In spite of these model-model differences, this work,
we believe, represents a important first step toward the
understanding of the Holocene ocean response. Our major
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conclusions seem to be robust and should provide a useful
first guess for the following reasons. Most of the major
signals discussed in the paper are consistent among the two
models and in each Holocene experiment, which consists of
a quasi-8 member ensemble. Furthermore, for each major
feature, we identified the main causes and mechanisms.
Finally, some features also agree with reconstructions
available.

Appendix A: Response to Seasonal Forcing
and Annual Mean Forcing
[43] To illustrate the difference of the response of the
annual mean and annual cycle of the basin-scale SST, we
use a slab mixed layer ocean model in which the thermal
inertial term is determined by the balance between the
external forcing (frequency w and amplitude G(w)) and
damping, such that
hCp rdT =dt ¼ GðwÞeiwt  ð@Q=@T ÞT ;
where h = 50 m is the depth of the surface ocean. This can
be rewritten as:
HdT =dt ¼ F ðwÞeiwt  T=t;

ð1Þ

Here H = h/h0 is the ratio of the surface ocean depth with a
typical mixed layer depth of h0 = 50 m and F = G/h0Cpr. The
damping time for the basin-scale SST is t = h0Cpr/(@Q/@T ).
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This timescale, for a mixed layer depth of about 50 m, is
usually longer than 1 year because at basin scale the
damping of SST is caused mainly by long wave radiation
cooling [Bretherton, 1982]. The response to the annual
mean (w = 0) forcing, F(0), is determined by the forcing and
the damping such that T(0) = tF(0). The response to the
annual cycle (w = s) forcing, F(s)eist, is determined
approximately by the inertial term and the forcing such that
T(s)  F(s)/isH, where we have used the key condition that
the seasonal timescale is much shorter than the basin-scale
damping timescale, that is: s = 2p/1 year  1/t. For a
reasonable value of t = 1.5 years and a typical mixed layer
depth 50 m (so H = 1), the annual cycle forcing would
produce the same magnitude of annual mean response if
F(s) = stF(0)  10F(0), that is the annual cycle forcing has
to be 10 times larger than the annual mean forcing.
Furthermore, equation (1) shows that the response is
reduced when the layer depth (or thermal inertial) H
increases, as in the case of the Southern Ocean.
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